[1] Hydrographic CO 2 system data obtained from World Ocean Circulation Experiment (WOCE) transatlantic zonal section A5 across 24.5°N and Florida Straits are described. By combining CO 2 measurements with hydrographic velocity calculations, the zonal and vertical variability of meridional fluxes of total alkalinity (TA), total dissolved inorganic carbon (TIC), and anthropogenic CO 2 (dC) are estimated. The resulting CO 2 fluxes are examined in four geostrophic mid-ocean zones as well as in the Gulf Stream flow through Florida Straits and in the surface ageostrophic Ekman flow. This method allows an estimate of the net budgets of these chemical species in the system considering together the Arctic and Atlantic Oceans north of 24.5°N. Taking into account the net flux contribution through Bering Strait, total meridional transports of chemical properties across 24.5°N latitude are also estimated. The slightly divergent net TA budget (À460 ± 200 kmol s À1 ) suggests that the North Atlantic is a small alkalinity source. The divergent TIC budget (À2430 ± 200 kmol s À1 or À0.92 ± 0.08 GtC yr À1 ) suggests that the North Atlantic is a source of TIC and therefore a net sink for atmospheric CO 2 . This value is twice as large as a previous estimation made from a poorly sampled section. Surprisingly, the North Atlantic Ocean appears to act as a net sink of anthropogenic CO 2 (+630 ± 200 kmol s À1 or +0.24 ± 0.08 GtC yr À1 ) and therefore a weak source of anthropogenic CO 2 to the atmosphere. Its main contributor is the intense northward flux in the Florida Current (+1280 ± 100 kmol s
À1
). The calculations imply a divergent inorganic carbon budget of À3060 ± 200 kmol s À1 or À1.16 ± 0.08 GtC yr À1 in preindustrial times (TIC 278 , when the molar fraction of CO 2 in the atmosphere was 278.2 ppm). This means that the North Atlantic would have had a 25% stronger divergence of TIC prior to the beginning of anthropogenic CO 2 penetration.
Introduction
[2] The role of the North Atlantic Ocean in the global carbon cycle and uptake of anthropogenic CO 2 is topical [Sarmiento et al., 1995; Doney et al., 1996] because the North Atlantic is a region of deep and intermediate water mass formation. The magnitude of the total ocean carbon sink is uncertain, with estimates that it takes up between a half and a third of the terrestrial emissions, mainly arising from fossil fuel and deforestation [Siegenthaler and Sarmiento, 1993] . As the terrestrial sink (mainly because of CO 2 fertilization) is usually considered to be of a similar size to the oceanic sink, there is a fraction of carbon remaining airborne. The estimation of the net transport of natural and anthropogenic carbon across selected WOCE or JGOFS sections by the ocean circulation in the Atlantic Ocean can contribute to understanding the global carbon cycle [Broecker and Peng, 1992] . This oceanic transport can be calculated using methods similar to those applied to the calculation of water, heat, nutrient and carbon transports [Roemmich and Wunsch, 1985; Rintoul and Wunsch, 1991; Robbins and Bryden, 1994; Stoll et al., 1996; Lavín et al., 1998; Holfort et al., 1998 ].
[3] As an oceanographic effort to celebrate Columbus's first voyage, the WOCE A5 section was taken across 24.5°N in 1992 along the same route, close to the center of North Atlantic subtropical gyre. This was the third modern occupation of this section, which had been done before in 1957 and 1981 . This fact has permitted the investigation of decadal-scale variability of temperature and salinity [Parrilla et al., 1994; Bryden et al., 1996] , nutrients and oxygen [García et al., 1998 ], as well as time-dependent variability of meridional transport and heat flux [Lavín et al., 1998 ]. However, 1992 was the first time that carbon system measurements were made on this section, and the database was specifically designed to have good spatial coverage, in order to prevent uncertainties in the carbon fluxes and budgets resulting from sparsity in the data [Martel and Wunch, 1993] . This paper deals with vertical and zonal distribution of CO 2 system variables along the section, as well as computation of meridional fluxes of natural (TIC), anthropogenic (dC) and preindustrial (TIC 278 ) CO 2 as well as total alkalinity (TA) across 24.5°N. Meridional transports of chemical species were calculated combining the chemical section data with standard mass transport calculations obtained from the hydrographic section. The method diagnoses the circulation field at 24.5°N on the assumption that velocity is geostrophically balanced with the observed density structure everywhere except for an ageostrophic boundary surface layer directly forced by wind stress [Robbins and Bryden, 1994] . Hence the resulting CO 2 fluxes include the thermohaline component as well as fluxes due to ageostrophic surface Ekman flow and winddriven gyre circulation.
[4] In order to describe the zonal variability, the A5 section has been divided in four parts whose boundaries are described in Table 1 . These zones are chosen so that each ''boundary'' section (I and IV) has approximately 15% of total A5 area and each ''mid-ocean'' section (II and III) has 35% of the area.
[5] The main goal of this paper is to improve the estimation and understanding of the meridional fluxes of CO 2 species within the North Atlantic Ocean, as a contribution to constraining the carbon budget for this ocean basin. This goal is also included as a central objective of Joint Global Ocean Flux Study, JGOFS.
Material and Methods
[6] During the cruise (labeled HE06 on board R/V BIO Hespérides, between 12 July and 15 August 1992), 112 stations were occupied with continuous top-to-bottom profiles of temperature, salinity and oxygen and with a maximum of 24 discrete water sample depths per station for chemical analyses using a combined CTD-Rosette system. Water samples were collected from 10 l Niskin bottles. The A5 section is 6000 km wide and had a station spacing every 60 km (101 stations) in the mid ocean region and 8 km in the Florida Straits section (11 stations). In order to avoid uncertainties of transports arising from the sparsity of carbon data, total alkalinity (TA) and pH were measured for every station and in full water column profiles (2268 samples). They were all analyzed on board after collection and stabilization to laboratory temperature of samples (typically after 2 hours).
[7] pH measurements were made potentiometrically on the NBS scale [Pérez and Fraga, 1987a] . The samples, taken in a 50 mL plastic bottles and tightly closed, were introduced into a combined glass electrode associated to a thermocompensater. Calibration and testing of the Nerstian response of the electrodes was made every day with 7.413 and 4.008 NBS buffers. Measurements were referred to 15°C according to the variation of pH with temperature [Pérez and Fraga, 1987a] . The method has a shipboard precision of 0.005 units, based on 184 replicate analysis corresponding to two different oceanographic bottles fired at the same depth at each station [Ríos and Rosón, 1996] .
[8] Total alkalinity (TA) measurements were made by titration of about 250 mL of a seawater sample with HCl 0.13 N, with potentiometric endpoint detection [Pérez and Fraga, 1987b] . Electrode calibration was made every day with the same method as for pH. The reproducibility was tested every day with the same water (25 l store bottle), and measured to be 0.1%.
[9] The total dissolved inorganic carbon (TIC) was calculated from measured pH(NBS) and total alkalinity (TA) using the thermodynamic equations for the carbonate system, with the dissociation constants of Mehrbach et al. [1973] , because they give the best agreement between measured and calculated values [Lee et al., 1997; Wanninkhof et al., 1999] . We have used the boric acid constants reported by Lyman [1956] . TIC calculations were checked for accuracy three times during the cruise against Dr. Dickson's Certified Reference Materials (CRMs, Batch#12, standard value 1984 mmol Á kg À1 ), showing the following results expressed in mmol Á kg À1 : Stn. 26: 1986 ± 3, n = 4; Stn. 60: 1983 ± 2, n = 4 and Stn. 76: 1983 ± 4, n = 3. Both analytical errors of pH (±0.005) [Pérez and Fraga, 1987a] and TA (±2 mmol kg
À1
) [Pérez and Fraga, 1987b] produce together an error of ±4 mmol Á kg À1 in the calculation of TIC, i.e., 0.2% [Zirino, 1985] .
[10] Anthropogenic CO 2 (dC) was calculated by separation from the large natural variability of TIC and evaluated for each water sample by the difference between its contemporary TIC when it was at the sea surface (preformed or initial TIC, TIC 0 ) and its preformed TIC during the preindustrial era (TIC 0 278 ). The method involves a back-calculation technique based on measurements of potential temperature, salinity, total alkalinity, total dissolved inorganic carbon, nutrients and oxygen, by means of the equation [Gruber, 1998; Körtzinger et al., 1998 ]: ] is equal to 0.74 ± 0.09. TA 0 stands for preformed alkalinity and was calculated from salinity and 'PO' using the empirical equation of Gruber et al. [1996] : TA°= 367.5 + 54.9 Á S + 0.074 Á PO where 'PO' = O 2 + R P Á PO 4 . R P (= ÀÁO 2 /ÁP) has a constant value of 170 ± 10 mol O 2 per mol P [Anderson and Sarmiento, 1994] . TIC 0 278 is the initial TIC of any water mass in the pre-industrial era, which can be calculated from time-independent TA 0 and the atmospheric CO 2 mole fraction at that time and water vapour pressure [Pérez et al., 2002] . The mole fraction of CO 2 in the pre-industrial atmosphere was taken to be 278.2 ppm [Sarmiento et al., 1995] . This estimation assumes that a) the water sample has been formed in an outcrop region where O 2 and CO 2 were close to equilibrium (or with the same disequilibrium) with the atmosphere during water mass formation, b) from the outcrop region, water flowed predominantly along isopycnal surfaces, where the remineralization ratios remain constant, and c) alkalinity was not significantly affected by the CO 2 increase [Chen and Millero, 1979; Poisson and Chen, 1987; Gruber et al., 1996] . Equation (1) can be rewritten as dC = TIC À TIC 278 , or better, TIC 278 = TIC À dC, where TIC 278 is the TIC of the water sample in the preindustrial era when it was at the same depth as in the A5 occupation in 1992. By means of this last equation, the direct subtraction of dC fluxes from TIC fluxes allows estimation of the inorganic carbon transports during preindustrial times.
[11] Gruber et al. [1996] introduced the disequilibrium term that includes the CO 2 disequilibrium at the time the water lost contact with the atmosphere plus any residual effects due to their choice of oxygen and alkalinity endmembers and data uncertainties. From the CFC data available from this cruise (W. M. Smethie, personal communication, 1998) , it was possible to estimate the term of disequilibrium, being 6.9 ± 5.0 mmol Á kg À1 . The obtained values were not as high as Gruber et al.'s [1996] estimations for the North Atlantic (between À12 and À24 mmol Á kg À1 ), and were more in agreement with the estimations obtained by Pérez et al. [2002] of 3.8 ± 4.8 mmol Á kg À1 in the Eastern North Atlantic. As will be noted later, ignoring the disequilibrium, the dC values in deep layers are close to zero.
[12] The fluxes of the different chemical properties (i.e., TIC, TA, dC, etc., generically denoted as P) associated with meridional transports of mid-ocean geostrophic flow, Florida Straits flow and Ekman layer flow are calculated using the same methods used for the heat transport calculations by Lavín et al. [1998] . The meridional transport, T, of property P (in mol s
) is calculated by:
where r(x, z) is the density field in kg Á m
À3
, obtained from CTD profiles with a vertical resolution of 2 dbar; [P(x, z) ] is the concentration field of the property under consideration in mol Á kg
À1
, and V(x, z) is the orthogonal (positive northward) component of the absolute velocity field across 24.5°N in m Á s
. Geostrophic calculations were performed using reference levels of 3200 dbar from the eastern boundary (Africa) out to the beginning of the deep western boundary current at 69°W, and 1000 dbar west of 69°W. CTD data were smoothed, and bottle data was interpolated to 20 dbar values. The integration is made over depth (from surface, 0, to bottom, ÀH) and longitude (from Eastern to Western boundary). In practice, the integral is done as a sum over station pairs.
[13] At this latitude the Gulf Stream is confined to the shallow (H < 800 m) and narrow (width < 100 km) channel of Florida Straits. The Florida Straits section was sampled at 26°N. However, to estimate a mean flow across the Florida Straits at 24.5°N, we will use a long-term value of transport rather than results directly from the cruise. Leaman et al. [1987] found a volume flux of 31.7 ± 3.0 Sv at 27°N. Finlen [1966] found that approximately 2 Sv on average joins the Florida Current in the Strait of Florida (24.5°N) through the Providence Channels (at 26°-27°N). Subtracting both amounts, implies that the average annual transport at 24.5°N is 29.5 Sv. It is the same transport used by Hall and Bryden [1982] for heat transport calculations at 24.5°N, and was also confirmed by Schmitz and Richardson [1991] , and independently by Martel and Wunsch [1993] with a finite difference model.
[14] The net transport of any observable property P associated with the zonally integrated meridional Ekman transport (T EKMAN , in mol s
) is computed from
where t x (x) is the eastward climatological wind stress (in kg
), f is the Coriolis parameter (s
) and [P(x)] is the averaged concentration (in mol Á kg À1 ) of the property under consideration in the surface Ekman layer, which is assumed to be distributed from the surface to 50 m depth [Holfort et al., 1998 ]:
[15] There is a considerable uncertainty concerning the magnitude of the Ekman transport arising from uncertainties in climatological average wind stress data (up to 20% in the magnitude) [Lavín et al., 1998 ]. We use t
x (x) from wind stress climatology by Trenberth et al. [1990] , which gives a total Ekman volume of 5.4 ± 0.7 Sv across 24.5°N. This value is halfway between values obtained from Leetmaa and Bunker [1978] and Hellerman and Rosenstein [1983] climatologies, which yield Ekman transports of 5 ± 2 Sv and 6 ± 2 Sv respectively. In addition, the Trenberth et al.
[1990] Ekman transport shows a smaller standard deviation in annual mean values.
[16] We will use the convention that positive (negative) numbers refer to northward (southward) transport. To compute the chemical species fluxes in the mid-ocean section, an additional assumption has been invoked, in order to constraint to zero the net meridional flow across A5 section, as already pointed out by Lavín et al. [1998] for the heat transport calculations. This volume conservation argument requires that the +29.5 Sv and +5.4 Sv of northward Florida Current and Ekman transports respectively, must be compensated by southward transport within the mid-ocean A5 section. This net zero flow assumption was also implicitly made in the calculations presented by Brewer et al. [1989] and Broecker and Peng [1992] . Because the calculated midocean geostrophic flow was À30.9 Sv, a barotropic velocity of À0.0138 cm Á s À1 was added to the mid-ocean section to balance the +34.9 Sv of northward flow. Similarly for calculating Florida Straits fluxes, a barotropic velocity of +32.2 cm Á s À1 was added to arrive at the prescribed transport of +29.5 Sv.
[17] Two additional barotropic flows are necessary to get the total meridional chemical fluxes across 24.5°N:
[18] 1) There is a net mass convergence of freshwater flux (F) over the North Atlantic + Arctic, i.e., from Bering Strait to 24.5°N. This flux can be calculated by two independent methods: a) by direct and separate consideration of vertical fluxes across the sea surface: evaporation (E), precipitation (P) and river runoff (R). With this method, Baumgartner and Reichel [1975] report a net convergence of F = +0.10 Sv, between 24°N and Bering Strait. b) indirectly, from oceanographic measurements, assuming mass and salt conservation and considering transports at the boundaries [Hall and Bryden, 1982] . In this case, a net flux is obtained, associated to the horizontal oceanic circulation in the system, as a compensation of the air-seawater exchanges. Recently, Lavín [1999] calculated F with data obtained from the WOCE-A5 cruise, being F = À0.5 Sv. A negative value indicates net divergence, i.e., the Arctic + Atlantic together are exporting water because of an excess of precipitation and runoff over the evaporation (i.e., rigorously, F = E-P-R).
[19] There is a significant discrepancy in F value obtained from both methods at 24.5°N, mainly caused by the different methodology applied in each case, i.e., from climatological (a) or oceanographic (b) point of view. In this paper we will adopt the oceanographic criteria, because the unquestionable fact is that water crossing 24.5°N southward is less salty (35.825) than water flowing northward through Florida Straits (36.159) or in the Ekman layer (37.062); so there must be a net precipitation and runoff north of 24.5°N to freshen the seawater. It also should be noted that existing estimates of the components of the freshwater balance for the Arctic and Atlantic Ocean, as derived by different authors, can differ considerably. For example, values of the difference between precipitation and evaporation range from 400 km 3 yrÀ 1 [Baumgartner and Reichel, 1975 ] to 2100 km 3 yr À1 [Ivanov, 1976] . Also, uncertainties in individual water balance components in the Arctic are rather large (up to 30%), especially when estimates are made for periods shorter than a year [Ivanov, 1976] . Furthermore, estimates of the total annual water discharge to the Arctic Ocean derived by different scientists [Aagaard and Carmack, 1989; Ivanov, 1976] show differences of 50% or more.
[20] We assume that concentrations of salt and all chemical species in the precipitation, evaporation and runoff are negligible. However, the ocean compensates freshwater balance with F, which carries physical and chemical properties. TIC, TIC 278 , TA and dC transports are À940, À930, À1080 and À10 kmol s À1 respectively. These transports must be included to compute a complete North Atlantic budget for these species.
[21] 2) There is a mean unidirectional flow across Bering Strait from the Pacific to the Atlantic Ocean (À0.8 ± 0.2 Sv or À0.82 ± 0.2 Â 10 9 kg s
, proposed by Coachman and Aagaard [1988] and À0.83 (±30%) Sv according to Roach et al. [1995] ). This flow helps to balance the net atmospheric water vapour flux from the Atlantic to the Pacific [Wijffles et al., 1992] . It is assumed to be barotropic (with a constant velocity across the whole section). In the Bering Strait, it provokes extra southward TIC, TIC 278 and TA transports of À1670, À1630, À1840 kmol s À1 [Lundberg and Haugan, 1996] respectively, as well as a southward salt transport of approximately À27 kton s À1 [Holfort et al., 1998 ]. Taking into account equation (1), the estimate of the extra anthropogenic transport is T(dC) = T(TIC) À T(TIC 278 ) = À40 kmol s
. However, transports of these carbon species have to be assigned assuming their averaged concentrations in A5 section. This additional (and often neglected) [Doney et al., 1996] component of the meridional carbon transport has to be added to the net North Atlantic budget of water, salt and chemical species to compute the net transports across 24.5°N. However, to compute only the carbon species budget in the North Atlantic, this contribution can be ignored [Brewer et al., 1989; Broecker and Peng, 1992; Stoll et al., 1996] .
[22] Both flows are assumed to be barotropic, i.e., with constant velocities across the whole section (À0.0017 and À0.0028 cm Á s À1 respectively). The sum of both flows (À1.3 Sv) is in good accordance with the same transport reported by Koltermann et al. [1999] for the three occupations of A5 section (in 1959: À1.19 Sv; 1981: À1.22 Sv; and in 1992: À1.31 Sv). Other authors [Dobroliubov, 1998] have studied the seasonal variability of this barotropic flux and get close results to ours (À1.31 ± 0.21 Sv). It is necessary to take into account both barotropic transports when we compare our net meridional transport of any chemical species across 24.5°N, with other meridional transports made in other latitudes in which no net zero flow assumption was made in the geostrophic flow calculations, particularly with Holfort et al. [1998] .
[23] The method for estimating dC is subject to a number of uncertainties. The errors estimated by other authors range between ±6 mmol Á kg À1 [Sabine et al., 1999] and ±10 mmol Á kg À1 [Gruber et al., 1996; Körtzinger et al., 1998 ]. Most of the error derives from the estimation of Gruber's [1998] TA 0 [Pérez et al., 2002] . The terms and variables involved in the calculations are so many that the averaging effect acting on independent errors decreases the random errors considerably [Matsukawa and Suzuki, 1985] . In deep layers it is expected that dC should be close to zero. Therefore an independent and indicative way to estimate the error in dC is to use the standard deviation of the dC values below 3000 db for the whole data set, which is 0.24 ± 3.9 mmol Á kg À1 (n = 461).
[24] With regards to net transports, for TIC and TA, if we assume an analytical error of ±4 mmol Á kg À1 (0.2%) and a transport error of ±0.2 Sv (0.7% in a transport of $30 Sv across A5 section), the direct estimated error is as high as ±500 kmol Á s
. For dC transport, if we assume an error of ±10 mmol Á kg À1 [Gruber et al., 1996; Körtzinger et al., 1998 ], the estimated error is ±300 kmol Á s
. However, an alternative and more realistic way to estimate budget errors is making a recalculation of chemical transports introducing perturbations both in the velocity and chemical databases. In this sense, errors in chemical transports are tested assuming a perturbation of ±2 Sv in transatlantic transport distributed homogeneously over each 20 m depth, and with the opposite error in Florida Straits transport to maintain overall volume conservation. We have chosen this value because it is the difference between reported transports in Florida Straits at 26°and 24.5°N, and because it is representative of the differences and uncertainties in reported Ekman transports. This transport error is combined with a perturbation of ±4 mmol Á kg À1 for TIC and TA, as well as ±10 mmol Á kg À1 for dC. The results show that errors in budgets of both TIC, TA and dC are less than ±200 kmol Á s À1 = ±0.08 GtC Á y À1 . Those figures are not only consequent with the uncertainties of mass transports and chemical data, but also include the propagation of errors through the calculations. They are the same as reported by Holfort et al. [1998] .
Results

Distribution of Carbon Species Along A5 and Florida Straits
[25] Figure 1 shows the distribution of TIC (in mmol Á kg
À1
) with depth along A5 section. As vertical gradients in the upper layer are strong, the distributions in the upper 1200 m were plotted with greater resolution. In this case, TIC shows a relatively strong vertical gradient from surface (2020 -2080 mmol kg À1 ) to 1000 m (2180-2200 mmol kg À1 ), which includes the main thermocline. Isolines slope down toward the west, which means that TIC is decreasing from east to west for a given depth. Two facts mainly contribute to this situation: a) Surface TIC values are $80 mmol kg À1 smaller in the western part than off NW Africa. This is associated with the gradual warming along the flowpath from the North Equatorial Current to the western North Atlantic (from 21 to 29°C) and therefore progressive loss of CO 2 to the atmosphere. b) A maximum at $1000 m, which is more pronounced (>2200 mmol kg À1 ) at the eastern boundary because of the presence of AAIW. At this latitude, AAIW is older in the east than in the west, according to its climatological geostrophic circulation [Reid, 1994] in which it crosses the equator along the western boundary at 1000 m and then travels to the eastern subtropical North Atlantic. This TIC maximum is accompanied by an oxygen minimum and nutrient maximum [Reid, 1994; Lavín et al., 1998 ].
[26] The deep (>1000 m) distribution is characterized by relatively low vertical gradients, with a relative mini- Table 1. mum (<2180 mmol kg À1 ) at $2000 depth due to the influence of Labrador Seawater (LSW) which spreads southward and eastward along the western boundary. This water mass is also marked by nutrient minima and an oxygen maximum along 24.5°N [Reid, 1994; Lavín et al., 1998 ]. Another TIC minimum is found deeper ($3500 m) at the western boundary because of the presence of lower NADW. Near bottom (>5000 m), TIC reaches a maximum (>2200 mmol kg À1 ) associated with AABW, which exhibits an oxygen minimum and nutrient maxima [Reid, 1994] .
[27] Figure 2 shows the distribution of normalized total alkalinity (NTA = (TA/S) * 35, in mmol Á kg
) with depth along A5 section. NTA increases with depth from surface ($2285 mmol Á kg
). The main gradient is found between 400 and 900 m. As for TIC, surface values in the western part are lower than in the eastern, but in this case zonal differences are smaller (about 7 mmol Á kg À1 , or À1.2 ± 0.1 mmol Á kg À1 per 1000 km, r 2 = 0.50, n = 101). The surface and mixed layer drawndown of NTA in the Sargasso Sea has been attributed to uptake of alkalinity (i.e., HCO 3 À ) as a result of coccolithophore calcification . In this zone, NTA exhibits a seasonal variability of ±5 mmol Á kg À1 , so spatial differences are indistinguishable from zero. Below 900 m the influence of NADW produces relative minima in NTA at the western boundary: one around 1500 m is associated with upper NADW due to the contribution of LSW; the other conspicuous minimum at about 3500 m corresponds to the lower NADW. The greatest values (NTA > 2370 mmol Á kg À1 ) in the bottom water of the western boundary are associated with the core of AABW.
[28] Figure 3 shows the mean dC profile along the 24.5°N section. This average profile is determined considering the varying zonal cross section [Gruber et al., 1996] . Although the resulting anthropogenic signal in the surface water ($55 mmol kg À1 ) is relatively high, it decreases rapidly with depth and becomes small relative to the natural variations in background TIC concentrations. Mid-ocean waters below $3000 m are little affected by the invasion of anthropogenic CO 2 (1.7 ± 0.9 mmol Á kg À1 on average). For comparison, the meridionally and zonally averaged profile of dC in the North Atlantic Ocean between the latitude belt 20°-30°N in 1982 [Gruber, 1998 ] is also plotted. Although below 1000 m the differences are small (2 mmol Á kg À1 on average), upper waters (0 -1000 m) show an average difference of 5 mmol Á kg À1 from 1992 with respect to 1982, with a maximum deviation of 9 mmol kg À1 . We will assume that distribution at 24.5°N is representative of 20°-30°N latitude belt. Thus the differences can be partially due to the TIC increase of about 1.7 mmol kg À1 yr À1 in the upper layer (0-250 m) for the last decade , and to the subsequent intrusion into deeper layers by mixing. That rate was obtained from a long-term biogeochemical time series in the Sargasso Sea (31.5°N, close to A5 transect), and it is a response to the oceanic uptake of atmospheric CO 2 .
[29] In the same way, Holfort et al.
[1998] reported a rate of increase in the early 1990's in the surface concentration of anthropogenic CO 2 of 0.7-0.8 mmol Á kg À1 Á yr À1 in order to keep pace with the rate of surface CO 2 increase of about 1.3 matm Á yr À1 , which is consistent with the atmospheric rate between 1.2 ppm Á yr À1 [Holfort et al., 1998 ] and 1.8 ppm Á yr À1 [Takahashi et al., 1997] . Our results are in accordance with these estimates. In the same way, the age of water samples (estimated from CFC data of Áat 5500 m), because of the low dC signal.
[30] Distribution of dC (Figure 4) shows a strong vertical gradient from 100 to 1000 m (see also Figure 3 ). In the western basin (zones III and IV), at 400 -600 m depth, dC reaches a relative maximum (>40 mmol Á kg À1 ), associated with the recently formed 18°C Water thermostad in the Sargasso Sea. Hence this mode water is also characterized by an oxygen maximum [Roemmich and Wunsch, 1985] . The maximum penetration level of anthropogenic carbon (>5 mmol Á kg
) is deeper in the western ($2600 m) than in eastern basin ($2000 m) because of the more recently ventilated upper NADW in the Deep Western Boundary Current [Körtzinger et al., 1998 ]. CFC-11 and 12 distribution show the same behavior [Smethie, 1993] . At the western flank of the Mid-Atlantic Ridge, there is a weak anthropogenic signal (in the uncertainty threshold $5 mmol Á kg À1 ), associated with AABW, with potential temperature <1.5°C, dissolved silica >65 mmol Á kg À1 and salinity <34.85. The anthropogenic influence of AABW in the South Atlantic has been reported by Roether and Putzka [1996] with independent tracers (CFC-11 and CCl 4 ). Poisson and Chen [1987] found a nonsignificant value of dC close to AABW formation (6 ± 5 mmol Á kg À1 ), noting that its precursor water masses were formed before industrialization. The fact of this weak signal in the North Atlantic is due to the long transit, and therefore old age.
[31] Figures 5a -5c shows the distribution of CO 2 species in Florida Straits. The depth of the TIC isolines increases toward the east at a rate of approximately 100 m per 20 km. This slope is also found in other physical and chemical properties and results from the tilting of the isopycnals associated with the northward flow of the Florida Current [Roemmich and Wunsch, 1985; Brewer et al., 1989; Schmitz and Richardson, 1991] . The highest concentrations of dC (>60 mmol Á kg À1 ) are located near surface, displaced to the east of the jet of maximum geostrophic velocity (>160 cm Á s À1 , Figure 5d ). Associated with this velocity core, a strong horizontal gradient of dC is found, together with the sloping isopycnals that bring older water near the surface, decreasing dC values west of the velocity core.
Vertical and Zonal Distribution of Transports
[32] The vertical structure of mass transport across ocean sections (I-IV) is shown in Figure 6 . The fluxes of TIC and TA equivalent to a mass transport of 1 Sv are 2200 and 2400 kmol Á s À1 respectively (Table 2 ). According to the direction of total meridional transport across A5 section, we have divided the vertical distribution of transport in four ''levels''. Their limits are defined as the depths where midocean total transport changes its direction. Surface waters (0-650 m) flow southward in the eastern and Middle West (À19.5 Sv), and northward in the Western Boundary portion (+7.9 Sv), showing the clockwise circulation of the Subtropical Gyre. The total transport (including +5.4 Sv of Ekman component) is southward (À11.6 Sv).
[33] A core of northward flow between 650 and 1170 m shows the influence of AAIW (+1.2 Sv). It flows northward mainly across western part (+2.8 Sv), returning southward in the eastern North Atlantic (À1.6 Sv). In the western boundary, the NADW appears divided in two distinguishable cores. The maximum of southward flow at $2000 m is due to the core of water from a source in or near Labrador Sea (LSW) [Roemmich and Wunsch, 1985; Bryden et al., 1996] . The deeper core of southward flow ($4000 m) originates from a source in the Greenland-Iceland-Norwegian Sea [Bryden et al., 1996] . Each component transports approximately À11.8 Sv in the western boundary, the net flow across the other sections being small (+2.3 Sv). The northward flow of AABW (+2.2 Sv) is restricted in the [34] The vertical structure of the anthropogenic carbon transport across all the studied sections (I -V) is shown in Figure 7 . Because low values of dC are found in deep waters (z > 1000 m, Figure 3) , there is almost no transport there, even if the mass transport is high (i.e., Deep Western Boundary Current, Figure 6 ). Thus dC transport mainly takes place in the upper 1000 m (94%), and Figure 7 was plotted only from surface to that depth in order to gain vertical resolution. In the surface layer (0 -100 m), dC flows southward in zones I, II and III, increasing the transport westward, following the mass transport pattern. Between zones III and IV there is a change in the direction of flow, with the northward transport in zones IV and V mainly driven by Florida Current and Antilles Current. At the surface, the currents transport 2.5 times the dC in zone III and 1.3 times the dC flowing through zones I + II + III. The total dC transport is northward and shows a maximum subsurface value at 100 m. The pattern below this depth is similar in all zones and thus in the total transport, decreasing strongly with depth. The total transport changes its direction between 400 and 800 m depth (where the Florida Current flow is not so significant), being slightly southward. From 1000 m to the bottom (not shown), the most important zone contributing to the transport is the Western Boundary (zone IV), following the mass transport pattern.
[35] Table 2 summarizes the results shown in Figures 6  and 7 for the A5 section. Chemical transports are obviously in accordance with water transports, which are in agreement with those reported by Rintoul and Wunsch [1991] . ''Upper'' and ''deep'' waters are the main contributors to total transport. In absolute values, northward mass transport (+3.4 Sv) is only 10% of the equivalent southward (À32.9 Sv). For TA and TIC, these relationships are the same. This fact indicates that the overall details and magnitude of TA and TIC transports are controlled to first order by variability in the mass transports and that concentration variability plays a smaller role. However, as the intrusion of dC into the waters below 1000 m becomes very small, this relationship is only 1%. Further, 90% of the net dC transport across the A5 section (À640 kmol Á s
À1
) is made within the upper waters (À581 kmol Á s À1 ).
Discussion and Conclusions
Inventory and Storage of Anthropogenic CO 2
[36] The inventory of anthropogenic CO 2 is determined by vertically integrating the mean dC profile across both the A5 section and Florida Straits, taking the vertical variation of the horizontal cross section into account [Gruber et al., 1996] . This integration yields an average concentration of anthropogenic CO 2 of 8.69 mmol Á kg À1 or, taking into account the area of the whole section, 2.72 Â 10 8 mol per meridional meter. Assuming that this value is characteristic for the 20°-30°N latitude belt, which has a meridional extent of 1.11 Â 10 3 km, the water column inventory of this belt is 3.02 Â 10 14 mol C or 3.6 GtC. Such values are similar to those estimated by Gruber [1998] for 1982 (3.6 Â 10 14 mol C or 4.3 GtC), and the difference is within the 20% uncertainty given by Gruber et al. [1996] . The specific inventory, i.e., the average of the surface to bottom vertically integrated concentrations of dC for the A5 section (plus Florida Straits) is 44 (41) ). The same distribution has already been pointed out for 45°N by Körtzinger et al. [1998] , although both values and the differences between basins are greater at 45°N (89 and 118 mol C Á m À2 respectively). This suggests that, at a regional scale, the more southward and eastward we find NADW, the smaller dC has (and the older it is, as equation (5) points out). For LSW, the age difference between zones I and IV has been estimated from CFC measurements in about 5 years [Smethie, 1993] . In this time, the increase of dC can be estimated to be 7 mmol Á kg
À1
, in order to keep pace with the surface CO 2 increase. A similar value can be inferred from Figure 4 .
[37] In the same way, Broecker et al. [1979] proposed the parameter ''Mean Penetration Depth'' (MPD) as a estimation of anthropogenic carbon storage:
where dC mL and dC z are respectively the anthropogenic carbon concentrations in the mixed layer and at a depth z. We estimate a MPD for 24.5°N of 790 m. This value is similar to that obtained by Holfort et al. [1998] in the South Atlantic for the belt 10°-30°S (770 m). At 24.5°N, the lower signal of older Antarctic waters is compensated by the greater dC of younger NADW (Wallace et al., submitted manuscript, 2001).
Fluxes and Budgets of Mass, Salt, and Carbon Species
[38] Table 3 shows mass, salt and chemical fluxes across the four defined areas in A5 section, Ekman layer and Florida Straits. A net regional North Atlantic budget and the net flux across 24.5°N are also shown. The net mass budget north of 24.5°N is equal to F = À0.5 Sv, that is a divergence of water. The addition of À0.5 Sv of freshwater to the Bering Strait transport of À0.8 Sv means that there is a total southward transport of À1.3 Sv across the 24.5°N section, which is the same as reported by Dobroliubov [1998] and Koltermann et al. [1999] . This quantity implies a net southward barotropic salt flux across 24.5°N of À45 kton s À1 [Lavín, 1999] . Because the salt budget through the 24.5°N section was +19 kton s À1 (Table 3) , the net salt flow through 24.5°N amounts to À28 kton s
À1
. This value is not different (within the precision of our calculations) from the The depth classes were chosen according to the change of meridional direction of total flux across A5 section (see Figure 6 ). In the upper layer, the ageostrophic Ekman component was included. Positive (negative) fluxes indicate northward (southward) transport. 1GtC yr À1 = 2642 kmolC s À1 . quantity of À27 ± 3 kton s À1 given by Wijffles et al. [1992] as the salt transport that must be transported southward through the Atlantic to maintain salt conservation, i.e., the salt transport through Bering Strait. This uncertainty of 1 kton s À1 in our salt budget induces an extra error in the TIC and TA budgets of 60 and 66 kmol s À1 respectively, because of the specific values of TIC and TA per unit of salt, which are respectively 60 and 66 mmol Á kg À1 Salinity
.
[39] In order to compare our TIC and TA budgets with the ones presented by Brewer et al. [1989] , we have to use the column ''TOT'' instead of column ''BGT'' in Table 3 , i.e., the calculated budgets neglecting evaporation-precipitation-runoff calculations. These authors do not include the adjustment of the mass transport across the mid-ocean section, needed to balance the salt transport associated to barotropic freshwater transport, which is affected by the divergence of F over the North Atlantic. In this sense, the net TIC budget in the North Atlantic resulted in a divergence of À0.56 GtC Á yr À1 , more than twice than obtained by Brewer et al. [1989] , À0.26 GtC Á yr
. These calculations are made: a) with two different geostrophic velocity matrices coming from two different occupations of the A5 section (in 1992 [Lavín et al., 1998 ] and in 1957 [Hall and Bryden, 1982] , respectively). Ekman and Florida Straits transport, as well as both reference levels used in geostrophic calculations were the same [Lavín et al., 1999] . The horizontal resolution was 160 km in 1957 and 60 km in 1992. The vertical resolution was 25 to 1000 m (increasing with depth) in 1957 and 20 m (constant in all the water column) in 1992. b) with two different chemical databases (1992 for this paper, and 1988 from Oceanus Cruise 205, respectively). In the 1988 cruise, the CO 2 data matrix was made from the occupation of only five stations across the Florida Straits and only four stations in the western basin, and none in the eastern basin, so the matrix database was completed by data interpolation and extrapolation along density surfaces to cover the whole section.
[40] In order to explain the great differences between both values we also calculated the net ''crossing TIC fluxes'' (i.e., with velocities of one cruise with the chemical data of the other cruise and vice versa, Table 4 ). The results show that using the same transport budgets calculated with Brewer's database are smaller than with our TIC data; whereas, if we use the same chemical database, budgets calculated with 1957 database are smaller than in 1992. We conclude that the difference in the velocity field has a much larger . A5 = I + II + III + IV + Ekman = Mid-ocean geostrpohic and ageostrophic transports. Zones I to IV are defined in Table 1 . FST is the transport across Florida Straits (zone V). Total = A5 + FST = Net budget of North Atlantic at 24.5°N (without taking into account evaporation-precipitation-runoff calculations). F = Net mass convergence of freshwater flux over the North Atlantic + Artic. Horizontal transports across 24.5°derived from the net gain of volume at the ocean surface due to precipitation (P), evaporation (E), and runoff (R) between Bering Strait and 24.5°N. Water and salt transport values were obtained from Lavín [1999] . The transports of chemical species were estimated assuming their averaged concentrations in A5 section. In this case we assume that concentration of all chemical species in the freshwater is negligible. BGT = A5 + FST + F = Net budget of North Atlantic, north of 24.5°. BST = Average transport across Bering Strait, estimated assuming their averaged concentrations in A5 section. Flux(24.5°) = BGT + BST = Net transport across 24.5°. [Lavín et al., 1998 ] IGY (1957) [Hall and Bryden, 1982] . Holfort et al. [1998] give a southward TIC transport of À2320 kmol s À1 through 10°, and À1990 kmol s À1 through 30°S. Therefore, in the contemporary tropical Atlantic there may exist a net longterm convergence of TIC of +1870 ± 200 kmol s À1 in the region 24.5°-10°S, and +2200 ± 200 kmol s À1 between 24.5°N and 30°S.
[42] Those results point out that dC transport has the opposite sign to the TIC transport because of the higher levels of TIC in the southward flowing deep water ( Figures  1 and 4) . The counterflow of dC represents an anthropogenic perturbation of the natural carbon transport. Moreover, the net transport of preindustrial CO 2 (TIC 278 ) resulted, like TIC, in a southward transport (À4800 ± 200 kmol s À1 or À1.82 ± 0.08 GtC yr
). Thus the preindustrial tropical Atlantic also had a net convergence of TIC 278 of +1890 ± 200 kmol s À1 between 24.5°N and 10°S, and +2540 ± 200 kmol s À1 between 24.5°N and 30°S. Both convergences are the same and 15% greater than in the early 1990s respectively.
[43] Using equations (5) and (6) we can estimate the rates of storage, i.e., the inventory change of dC during the 1990's between the two sections. With the hypothesis that the surface dC concentration has an increase of 0.75 ± 0.03
, the average local storage rates are 0.59 mol m À2 Á yr À1 between 10°S and 24.5°N (MPD = 780 m, the average of both at 10°S and 24.5°N), and 0.50 mol m À2 Á yr À1 between 24.5°N and Bering Strait (with an average MPD = 650 m) [from Gruber, 1998 ]. When integrated over the surface areas between 10°S-24.5°N and 24.5°N-Bering Strait (24.9 Â 10 12 and 31.8 Â 10 12 m 2 respectively) [Gruber, 1998 ], these rates becomes +460 ± 20 and +500 ± 20 kmol s À1 respectively (Figure 8) . The difference between the storage of dC and the horizontal transport convergence (T S À T N , or ''BGT'' in Table 3 ) between two latitudes gives an estimation of the average air-to-sea flux (F air-sea ) within the region, by means of the equation (Wallace et al., submitted manuscript, 2001 ):
Where T S and T N refer to net transport by ocean circulation across sections defining the southern and northern boundaries of an ocean volume respectively. This calculation can be made for TIC, dC and TIC 278 , the storage term for TIC 278 was assumed negligible. Terms such as burial in sediments, transport of organic carbon, and river inputs can be neglected for dC because its concentration is treated as a perturbation that is largely independent of biological and geological aspects of the natural carbon cycle [Sarmiento et al., 1992] .
[44] For TIC, between 10°S and 24.5°N equation (7) gives an estimate of the average air-to-sea flux of +460 -1870 = À1410 ± 200 kmol s À1 or À0.53 ± 0.08 GtC yr
, i.e., from the ocean to the atmosphere. For this region Takahashi et al. [1997] give a mean value of À1210 kmol s À1 or À0.46 GtC yr
, by means of surface pCO 2 data. In the same way, between 24.5°N and Bering Strait the calculated CO 2 air-tosea flux, between the sea-air interface is +500 À (À2430) = +2930 ± 200 kmol s À1 , or +1.10 ± 0.08 GtC yr À1 , i.e., in this case from air to sea, while Takahashi et al. [1997] give an average flux for this area of +0.74 GtC yr À1 . Both comparisons between completely independent results are reasonable if we take into account the uncertainty, which can be as high as 75% in these kinds of estimates [Holfort et al., 1998 ].
[45] For anthropogenic CO 2 , equation (7) gives F airÀsea (10°S-24.5°N) = +480 ± 200 kmol s À1 or À0.18 ± 0.08 GtC yr
, and F airÀsea (>24.5°N) = À130 ± 200 kmol Figure 8 . The Atlantic Ocean (north of 30°S) budget of (a) TIC, (b) dC, and (c) TIC 278 . Fluxes across 10°S and 30°S are taken from Holfort et al. [1998] . Fluxes across Bering strait are taken from Lundberg and Haugan [1996] . Units are kmol s. Vertical arrows denote exchange of the carbon specie between ocean and atmosphere. Figures inside boxes mean estimations of the rates of storage of anthropogenic CO 2 during the 1990's, because of the increase of TIC concentration (see text), which were assumed negligible in the preindustrial budget. s À1 (0.05 ± 0.08 GtC yr À1 ). The implications of these estimates and their potential importance for the modeling of anthropogenic carbon uptake are discussed by Wallace et al. (submitted manuscript, 2001) .
[46] The net budget of anthropogenic CO 2 at 24.5°N calculated with Hall and Bryden's [1982] ), 20% smaller than the value obtained in this paper. The same tendency as found for heat [Lavín et al., 1999] and TIC fluxes (this paper) where smaller values result in 1957 than in 1992. In this sense, our net TA budget (neglecting F transport, TOT = +620 ± 200 kmol s À1 , Table 3 ) is also 22% greater than obtained by Brewer et al. [1989] (+510 kmol s À1 ) and is nearly indistinguishable from zero, because it amounts to only 0.8% of the absolute TA fluxes across Florida Strait or A5 section ($71000 kmol s
). This result would suggest that the North Atlantic would behave as a small alkalinity sink, as already pointed out by Brewer et al. [1989] . However, if we take into account the southward TA transport of À1080 kmol s À1 associated with the barotropic transport required for the freshwater budget, the true TA budget becomes slightly negative (BGT = À460 ± 200 kmol s
). Thus the North Atlantic may be a small alkalinity source. The sign shift in TA budget for the North Atlantic when including freshwater contributions, as well as the small net flux, reflects its great uncertainty. This fact was also pointed out by Martel and Wunsch [1993] and [Brewer et al., 1989] .
[47] In conclusion, we have estimated the zonal and vertical variability of meridional fluxes of carbon species at 24.5°N. Contemporary TIC transport was southward (À4190 ± 200 kmol s
). It includes a large (42%) contribution associated with a barotropic velocity required to satisfy the salt flux constraint at the Bering Strait. On the contrary, there was a net northward transport of anthropogenic CO 2 of +610 kmol s À1 , showing the perturbation of the natural carbon transport. This transport is slightly greater than the estimate anthropogenic CO 2 that is currently being stored within the North Atlantic (500 kmol s
). Thus North Atlantic may behave as a weak source of anthropogenic CO 2 to the atmosphere.
